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Key Points: 8 

 A 3-D model of Antarctica’s lithosphere is derived from satellite gravity gradient data and 9 

self-consistent thermodynamic modeling. 10 

 Moho depth values show a root-mean-square misfit of less than 7 km with local seismic 11 

estimates at the points where data are available. 12 

 Mantle viscosity in West Antarctica is ~10¹⁹ Pa·s, while the elastic lithosphere for GIA 13 

models is up to 150 km thick in East Antarctica.  14 
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Abstract 15 

In this study we combine seismological and petrological models with satellite gravity gradient 16 

data to obtain the thermal and compositional structure of the Antarctic lithosphere. Our results 17 

indicate that Antarctica is largely in isostatic equilibrium, although notable anomalies exist. A 18 

new Antarctic Moho depth map is derived that fits the gravity gradient anomaly field and is in 19 

good agreement with independent seismic estimates. It exhibits detailed crustal thickness 20 

variations also in areas of East Antarctica that are poorly explored due to sparse seismic station 21 

coverage. The thickness of the lithosphere in our model is in general agreement with 22 

seismological estimates, confirming the marked contrast between West Antarctica (<100 km) and 23 

East Antarctica (up to 260 km). Finally, we assess the implications of the temperature 24 

distribution in our model for mantle viscosities and glacial isostatic adjustment. Temperatures are 25 

lower than conversion from seismic velocities suggested in previous studies, which results in 26 

higher estimated viscosities underneath West Antarctica. Comparing present-day uplift rates 27 

computed from our model to GPS observations suggest viscosity values corresponding to a dry 28 

mantle rheology. 29 

Plain Language Summary 30 

The solid Earth structure of the Antarctic continent is still poorly explored due to the coverage of 31 

up to 4 km thick ice-sheets and its remote location. Robust knowledge of its characteristics is 32 

however essential to understand the Earth’s response to ice mass changes (glacial isostatic 33 

adjustment). Of particular interest are the depth and geometry of the main subsurface boundaries, 34 

which are the interface between crustal and mantle rocks (Moho discontinuity) and the base of 35 

the rigid tectonic plate (lithosphere). Since both of them are accompanied by changes in rock 36 

density, we used gravimetric data from the GOCE satellite to build a 3-D model of Antarctica’s 37 

deep structure. Rock composition according to temperature and pressure is taken into account. 38 

The model as a whole is internally consistent, which helps to compensate the scarcity of robust 39 

ground and airborne data in the Antarctic. As a result, we present a continental-scale Moho depth 40 

map that shows novel details in so far under-explored areas. From the temperature distribution in 41 

our model, we derive present-day uplift rates of the solid Earth’s surface, which are a key 42 

parameter in estimating the future ice-sheet evolution. 43 

1 Introduction 44 

The structure of the Antarctic lithosphere is still less known than that of other continents. 45 

Agreement exists on a difference in lithospheric structure between West Antarctica (WANT) and 46 

East Antarctica (EANT) divided by the Transantarctic Mountains (TAM), and the Antarctic 47 

Peninsula (e.g. Torsvik & Cocks, 2013) (Figure 1). WANT comprises several distinct Paleozoic 48 

to Mesozoic fore-arc and magmatic-arc terranes (Dalziel & Elliot, 1982) as well as the 49 

Ellsworth-Whitmore terrane with Grenville-age crust (Craddock et al., 2017). Multiple phases of 50 
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rifting took place from Cretaceous to Cenozoic times in the West Antarctic Rift System (WARS) 51 

(e.g. Fitzgerald, 2002; Jokat & Herter, 2016) and earlier rifting commencing in the Jurassic in the 52 

Weddell Sea region (e.g. Jordan et al., 2017). The tectonic history of EANT is characterized by 53 

several phases of accretionary or collisional events in the Precambrian (Boger, 2011). Thus, 54 

EANT is now widely recognized to comprise several lithospheric provinces of different origin 55 

and age, ranging from Archaean and Paleoproterozoic to Cambrian (Boger, 2011; Elliot et al., 56 

2015; Ferraccioli et al., 2011; Harley et al., 2013; Torsvik & Cocks, 2013, and references 57 

therein). 58 

Seismological methods are well-suited for assessing the internal structure of the lithosphere. 59 

However, the remoteness and the harsh environment of the Antarctic continent make seismic 60 

experiments logistically and technically challenging. Recently, a number of seismological 61 

models for the Antarctic continent (e.g. An et al., 2015a; Hansen et al., 2014; Heeszel et al., 62 

2016; Ramirez et al., 2016) or with focus on WANT and TAM have been published (Graw & 63 

Hansen, 2017; Hansen et al., 2016; Lloyd et al., 2015; O’Donnell et al., 2017; Ramirez et al., 64 

2017; Shen et al., 2018; White-Gaynor et al., 2019), which show the clear differences in crustal 65 

thickness between EANT and WANT and to a notable extent the heterogeneous nature of the 66 

upper mantle. However, density models derived from seismic observations generally lead to 67 

predicted gravity anomalies that differ greatly from observed values (Pappa et al., 2019) and 68 

therefore exhibit significant inconsistencies. Beyond that, gravity data or combinations of gravity 69 

and seismic data have been used to estimate the crustal thickness for the entire Antarctic 70 

continent (Baranov et al., 2018; Block et al., 2009; OʼDonnell & Nyblade, 2014). Even though 71 

the main features are similar in these models, considerable disagreement exists in some regions, 72 

e.g. in Wilkes Land or eastern Dronning Maud Land (DML) where seismic and gravity estimates 73 

of crustal thickness differ by over 10 km. 74 

Alternatively, satellite gravity gradient data can be used in combination with seismological 75 

models to derive lithospheric models. The potential of satellite-based gravity gradients to 76 

establish regional models, which can be used as a background for local interpretations, has been 77 

demonstrated (Bouman et al., 2015; Holzrichter & Ebbing, 2016), and is especially useful for 78 

large, inaccessible areas such as the Antarctic continent (Ebbing et al., 2018). Since the gravity 79 

gradients possess different sensitivities for different depth ranges (Bouman et al., 2016), they are 80 

particularly suited to investigate the mass distribution within the lithosphere. Still, gravity 81 

gradient data are not sufficient to uniquely constrain density. 82 

Few studies so far have tried to jointly investigate the crust and upper mantle (e.g. An et al., 83 

2015a, 2015b; Haeger et al., 2019) of EANT, which is needed to better understand the 84 

fundamental structure of the lithosphere as a whole. Seismic velocities and rock densities depend 85 

on temperature and composition, which can be modeled by minimizing the Gibbs energy, or 86 

described in simplified terms by other petrophysical parameters such as thermal expansion and 87 
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compressibility. An et al. (2015b) estimated the temperature of the Antarctic lithosphere and 88 

upper mantle through conversion of seismic velocities (An et al., 2015a) by using a 89 

homogeneous noncratonic mantle composition. The authors justify this simplification by 90 

pointing out that uncertainties caused by the potential presence of melt or fluid, or that are 91 

introduced by the choice of the anelasticity model, are so much higher than compositional 92 

variations within the lithosphere are difficult to resolve. The resulting temperature model was 93 

however an important step towards a better understanding of the state of Antarctica’s lithosphere. 94 

Haeger et al. (2019) compiled existing seismological crustal thickness estimates and used 95 

satellite gravity data to isolate the gravity signal from the lithospheric mantle. By also utilizing 96 

seismological velocity models, they iteratively derived a density, temperature, and compositional 97 

model of the Antarctic lithosphere. The study from Haeger et al. (2019) is hence a commendable 98 

effort to investigate the subsurface architecture of Antarctica by integrating multiple geophysical 99 

data sets in a comprehensive model. Their methodology however strongly relies on the validity 100 

of the crustal model adopted, which is subject to high uncertainties as described above. 101 

An alternative approach is to incorporate the whole lithosphere and sub-lithospheric upper 102 

mantle in one model. In addition, integrated modeling of both geophysical and petrological 103 

properties of rocks in a self-consistent framework can help to reduce the uncertainties associated 104 

with modeling the observables separately (Fullea et al., 2012). This approach has proved 105 

valuable for investigation of the lithospheric structure in several studies (e.g. Fullea et al., 2015; 106 

Jones et al., 2014). The inferred temperature structure of a lithospheric model obtained by this 107 

process can also be used to also estimate sub-lithospheric upper mantle viscosity. Seismological 108 

models are typically used to derive a 3-D Earth viscosity structure. Nield et al. (2018) explored 109 

the effect of applying 3-D viscosity distribution instead of classical 1D models on Antarctica and 110 

have shown that such models are crucial to obtain more accurate spatial patterns of glacial 111 

isostatic adjustment (GIA). However, deriving 3-D viscosity from seismological models 112 

introduces uncertainties from the seismological data and from the conversion methodology. 113 

In this study we use satellite gravity gradient data, the principle of isostasy, and thermodynamic 114 

modeling of mantle petrology to derive a self-consistent 3-D lithospheric density and 115 

temperature model of the Antarctic continent. New crustal and lithospheric thickness estimates 116 

are obtained and compared with previous studies. The modeled upper mantle temperature field is 117 

then used to derive viscosity values and to compute present-day uplift rates due to GIA. 118 

2 Data 119 

The gravity gradients are the second derivative of the gravitational potential. They are generally 120 

more sensitive to shallower structures than the vertical gravity field, which makes them a useful 121 

tool to study the density structure of the lithosphere (Bouman et al., 2016). During the years 122 

2009–2013 ESA’s satellite mission GOCE (Gravity field and steady-state Ocean Circulation 123 
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Explorer) measured the gradients of the Earth’s gravity field at an average altitude of 255 km at 124 

the beginning of the mission and 225 km at the end of the mission. For our study we use the 125 

gravity gradient grids at 225 km height (Figure 2) from Bouman et al. (2016). Commonly, 126 

gravity gradient data are expressed as tensor components in a North-West-Up frame, which is 127 

suitable for regions of intermediate latitudes, but leads to unintuitive maps in polar regions. By 128 

performing a tensor basis change, we adopt a local reference system for Antarctica. In this new 129 

IAU reference frame, the directions of derivation point to India (I; 90° E) and to the Atlantic 130 

Ocean (A; 0° E), i.e. right and top in an Antarctic polar stereographic map, while the vertical axis 131 

(U; upward) remains unchanged. The components of the gravity vector T are rotated as a 132 

function of the longitude λ according to: 133 

.  (1) 134 

A complete derivation of equation (1) is presented in the Supporting Information. 135 

To isolate the gravity gradient signal from the lithosphere, we first need to correct for the effect 136 

of topography, water, ice, and sediments. To achieve this, we use density values for water 137 

(ρwater=1028 kg/m³), ice (ρice=917 kg/m³), and bedrock (ρtopo=2670 kg/m³). The values adopted 138 

for ice thickness and topography were derived from the Bedmap2 Antarctic compilation 139 

(Fretwell et al., 2013). The Bedmap2 model describes the ice thickness and the bedrock 140 

topography (Figure 1) of Antarctica up to latitude 60° S and is mainly based on airborne radar 141 

surveys. Even though some areas are not well covered and exhibit large uncertainties up to 142 

>1000 m, it is the most accurate ice thickness model currently available for Antarctica. (The 143 

effect of the uncertainty in the Bedmap2 model on the gravity gradients at satellite altitude is 144 

shown in the Supplementary Information Figure S4.) The gravity gradient effect of the individual 145 

units for the reduction is computed by discretization in tesseroids of ~11 km edge length south of 146 

60° S and 0.5° edge length north of 60° S. A tesseroid is a segment of a sphere, delimited by 147 

upper and lower meridians and parallels plus by its top and bottom radii (as distance from the 148 

Earth’s center). In addition to assessing the gravity effect, the topographic data are used as a 149 

constraint for isostasy in our modeling. Regarding this issue, the model does not explicitly 150 

include an ice layer, which is why we use the rock-equivalent topography, in which the ice layer 151 

is converted into a mass-equivalent layer of rock density (e.g. Hirt et al., 2012), to evaluate the 152 

isostatic state. 153 

Several low-lying sectors of the Antarctic bedrock host major sedimentary basins, which can 154 

cause significant gravity anomalies, depending on their thickness and the density and porosity of 155 

the infill. To assess the effect of sedimentary thickness on the gravity gradient signal over 156 

Antarctica, we compiled available models and data (Figure 1). Few studies exist for onshore 157 

areas of the continent (e.g. Aitken et al., 2014; Frederick et al., 2016), where relatively high 158 
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sediment densities are to be expected due to additional compaction from the thick ice sheet. 159 

Because the density is close to that of the surrounding crystalline rock, we do not include 160 

sedimentary basins in onshore areas to avoid inducing regional inconsistencies, which would 161 

emerge from omission of so far relatively unexplored basins. In offshore areas, we use NGDC’s 162 

(National Geophysical Data Center) global 5 arc minute grid (Whittaker et al., 2013), which 163 

provides ocean sediment thickness estimates up to 70° S. We complement these with the more 164 

detailed model from Wobbe et al. (2014), which also covers the Ross Sea, the Amundsen Sea, 165 

and the Bellinghausen Sea. A sedimentary thickness map for the Weddell Sea is available based 166 

on the magnetic data presented by Golynsky et al. (2001) and suggests up to 15 km thick 167 

sediments there. Although it is difficult to derive the crystalline basement depth reliably from 168 

magnetic anomalies, we include this data set due to the lack of alternative areal sediment 169 

thickness information for the Weddell Sea. A potential overestimation may lead to erroneously 170 

low densities in the upper crust that would have to be compensated by modeled higher densities 171 

at greater depths. 172 

For the sediment density, we use a simple exponential compaction model (e.g. Chappell & 173 

Kusznir, 2008). Thus, the sediment density ρ is related to the depth z in km from the sediment top 174 

as: 175 

𝜌 = 𝜌𝑔 + (𝜌𝑤 − 𝜌𝑔)𝛷𝑒
−𝜆𝑧,  (2) 176 

where ρg is the grain density (set to ρg=2670 kg/m³), ρw is the water density (set to ρw=1028 177 

kg/m³), Φ is the porosity of the uppermost sediment, and λ is the exponential decay constant. We 178 

use data from Sclater & Christie (1980), who provide Φ=0.55 and λ=0.4 km⁻¹ as representative 179 

values for mixed or unknown marine sediments. Global far-field gravitational effects are 180 

accounted for water and rock topography, using ETOPO1 topography (Amante & Eakins, 2009), 181 

which seamlessly extends the Bedmap2 model, with the same values for ρwater and ρtopo as 182 

indicated above. Offshore sediments up to 30° S are also taken from the NGDC grid (Whittaker 183 

et al., 2013). 184 

After subtraction of the effect of ice, water, bedrock topography, and sediment density anomaly 185 

from the observed gravity gradient data, a signal is obtained that should mainly reflect 186 

subsurface density variations in the crystalline crust and in the mantle (Figure 2). However, the 187 

remaining signal may still contain effects of an imperfect topographic reduction model or effects 188 

of deep mantle density heterogeneities. Moreover, the lithosphere may be in a state of isostatic 189 

disequilibrium due to ice mass changes in the past (O’Donnell et al., 2017). This GIA-induced 190 

displacement of the solid Earth can cause a gravity signal that should be considered if it is 191 

significant. The effect on the gravity gradients at satellite altitude (225 km), however, accounts at 192 

maximum for ca. 25 mE (Figure S6), corresponding to less than 1% of the total signal, and is 193 

thus small enough to be neglected. 194 
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3 Modeling Methods 195 

3.1 Lithospheric Modeling 196 

A combined modeling framework of multiple geophysical quantities of the lithosphere and the 197 

sub-lithospheric upper mantle is provided by the forward modeling software LitMod3D 198 

(LIThospheric MODelling in a 3D geometry; Fullea et al., 2009). It solves the equations for heat 199 

flow, thermodynamic properties of rocks, gravitation, and isostasy simultaneously in a finite 200 

differences method. Output quantities are density, temperature and pressure fields, surface heat 201 

flow, seismic body wave velocities, geoid, gravity anomalies, and isostatic elevation 202 

(topography). The underlying material properties are functions of temperature, pressure, and 203 

composition. LitMod3D uses a combined petrological (compositional), rheological (isostatic) 204 

and thermal (1315° C isotherm) definition of the LAB. 205 

Generally, the lithosphere-asthenosphere boundary (LAB) is defined as the boundary between 206 

the rheologically strong lithospheric mantle and the rheologically weak asthenospheric upper 207 

mantle, where partial melting occurs (Artemieva, 2009, and references therein). Laboratory 208 

experiments indicate a sharp change in rheology and elastic properties of olivine-rich rocks at 209 

temperatures between 85% and 100% of the solidus temperature (Sato & Sacks, 1989; Sato et al., 210 

1989) and thus connect the rheological definition with a thermal boundary in the range of 1250–211 

1350° C. Different geophysical methods can be used to detect the LAB, depending on the 212 

according definition, which with their pitfalls are discussed in detail in Artemieva (2009) and 213 

Eaton et al. (2009). For example, from seismic methods the LAB can be defined as a change in 214 

anisotropy or as the boundary between a (S-wave) high-velocity lid and low velocities in the 215 

asthenosphere. For GIA modeling, the transition from purely elastic to viscoelastic behavior on 216 

glacial timescales determines the bottom of the lithosphere (Nield et al., 2018, and references 217 

therein), which does not necessarily coincide with any of the previously mentioned LAB 218 

definitions (Artemieva, 2009). This transition is governed by viscosity, which is the crucial 219 

parameter for GIA studies (Paulson et al., 2005; Wu, 2005) and can be derived through 220 

conversion of temperatures by using power law rheology (Nield et al., 2018). 221 

In the following, we provide a short overview of the methodology of LitMod3D (for more 222 

details, the reader is referred to Fullea et al. (2009)). The specific values of the modeling 223 

parameters such as densities will be presented in the subsequent section. 224 

The model space is discretized into a regular Cartesian grid, and cells are assigned to specific 225 

layers. Thus, a geometry and geophysical parameters need to be predefined. In the simplest case, 226 

a model may consist of a crust, a lithospheric mantle and a sub-lithospheric mantle layer. Each 227 

cell inherits the layer-specific geophysical parameters: bulk density, compressibility and thermal 228 

expansion coefficient, thermal conductivity, and radiogenic heat production. For computing heat 229 

transfer, LitMod3D assumes a conduction-dominated lithosphere, where the thermal structure is 230 
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calculated with the common steady-state (time-invariant) heat equation. While the thermal 231 

conductivity of the crust is constant, the thermal conductivity in the mantle follows the 232 

temperature and pressure dependent model of Hofmeister (1999). The upper and lower thermal 233 

boundary condition of the conduction-dominated region are defined by a constant surface 234 

temperature and a constant temperature at the LAB, respectively. Below the LAB, a buffer layer 235 

is modeled to represent both conduction and convection in a rheologically active layer between 236 

the lithosphere and the sub-lithospheric mantle down to a depth where the temperature reaches 237 

1400° C. Further down, convectional heat transfer is simulated by an adiabatic gradient between 238 

the temperature at the bottom of the model at 400 km and 1400° C isotherm. The bottom 239 

temperature is set to 1500° C, which is consistent with high-pressure and high-temperature 240 

experiments (Fullea et al., 2009, and references therein). 241 

The in situ density in crustal layers follows the formula for thermal expansion and compression: 242 

𝜌(𝑇, 𝑃) = 𝜌0 − 𝜌0𝛼(𝑇 − 𝑇0) + 𝜌0𝛽(𝑃 − 𝑃0),  (3) 243 

in which ρ0 is the bulk density, α the thermal expansion coefficient, and β the compressibility. In 244 

sub-crustal layers, densities are calculated with the thermodynamic modeling software Perple_X 245 

(Connolly, 2005) for given geochemical mantle compositions in the CFMAS (CaO, FeO, MgO, 246 

Al2O3, SiO2) scheme under mantle pressure and temperature conditions. Since more than 98% of 247 

the mantle is made up of these oxides (e.g. McDonough & Sun, 1995), they are considered to be 248 

a good basis for modeling mantle phase equilibria (Afonso et al., 2008). By minimization of the 249 

Gibbs free energy, the stable mineral phases and the consequent bulk rock densities can be 250 

computed according to several thermodynamic databases, which are based on laboratory 251 

experiments. We use the formalism and database for peridotites from Stixrude & Lithgow-252 

Bertelloni (2005). 253 

For Airy-type local isostasy, the pressure corresponding to the overlying density column is 254 

calculated for every node at the bottom of the model space (compensation level). The resulting 255 

elevation due to buoyancy forces is obtained from comparison with a reference density column at 256 

a mid-oceanic ridge and can be used as a quantity to fit the model to the actual topography in the 257 

study area. The reference at the mid-oceanic ridge is chosen because average elevations, 258 

petrogenetic processes, and lithospheric structures are better known there than in other tectonic 259 

settings (Afonso et al., 2008). Dynamic loads associated with sub-lithospheric mantle flows are 260 

neglected. Likewise, the error for Airy-type isostasy emerging from the planar approximation of 261 

the Earth is negligibly small due to the relatively thin lithosphere compared to the Earth’s radius 262 

(Hemingway & Matsuyama, 2017). To take into account the rigidity of the lithosphere, regional 263 

(flexural) isostasy is modeled on the basis of the local isostasy, the pressure at the compensation 264 

level, and the assumed elastic thickness (Te) of the lithosphere with the software TISC (Garcia-265 

Castellanos, 2002). For our modeling we choose a value of Te=30 km. 266 
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Although LitMod3D is capable of calculating gravity gradients, this is still done in a Cartesian 267 

coordinate system. To account for the large extension of Antarctica, a spherical geometry should 268 

be used to avoid biased results. We thus use the software Tesseroids (Uieda et al., 2011), which 269 

can compute the gravitational potential, the gravity and the gravity gradient effect caused by 270 

tesseroids with certain densities. We transform the lithospheric density model from LitMod3D 271 

into a spherical tesseroid model. An equiangular discretization in polar regions, however, would 272 

lead to very small tesseroids near the pole and bigger tesseroids at higher latitudes. A 273 

discretization into metrically equal sized tesseroids is a better choice, considering both numerical 274 

precision and computational effort. To avoid edge effects, we extend the model up to latitude 30° 275 

S. From the Cartesian LitMod3D model, an inner high-resolution (~25 km edge length) model is 276 

created up to a latitude of 60° S. Beyond that, coarser tesseroids (0.5°) are built. If a tesseroid of 277 

the extension model lies outside the original LitMod3D model space, the density of the particular 278 

depth layer is extrapolated and assigned to the tesseroid. A piece-wise linear reference model 279 

(Figure 3) withdensity increasing with pressure in the crust (above 30 km) and the mantle (below 280 

30 km), is subtracted from the modeled in situ (absolute) densities. 281 

3.2 GIA Modeling 282 

For the GIA response a model is used that is based on the finite element software ABAQUS™, 283 

which computes the deformation for certain surface loads. Iterative calculations are required to 284 

account for changing non-eustatic sea-level and the gravitational potential, which result in a new 285 

load to be applied at boundaries (Wu, 2004). Density and rigidity are derived from volume 286 

averaging of PREM (Dziewonski & Anderson, 1981). 3-D density structure, mainly the 287 

difference between East and West Antarctica, could influence results, but our method requires 1-288 

D density. Earlier work that included variation of 1-D density profile suggests limited effects for 289 

spatial wavelengths above 700 km (Vermeersen & Sabadini, 1997). 3-D variation in elastic 290 

parameters was found to introduce small effects on elastic response (Mitrovica et al., 2011) and 291 

is therefore not included. The finite element model uses a stress-strain-rate relation for composite 292 

rheology (van der Wal et al., 2013; van der Wal et al., 2010). The composite rheology is based on 293 

experimental flow laws for olivine of Hirth & Kohlstedt (2003), which are assumed to be valid 294 

for the upper 400 km where olivine is the dominant mineral. The lithosphere our GIA model is 295 

implicitly defined in the model as that part of the top of the Earth model that does not deform 296 

viscously in the time scale of glacial loading. Barnhoorn (2011) derived that this cut-off viscosity 297 

of 10²⁵ Pa·s, above which no viscous deformation takes place, would be detectable in GIA 298 

measurements. 299 

Viscosity, ηeff, is computed as in van der Wal et al. (2015): 300 

  (4) 301 
(
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with q as the von Mises stress, n as the stress exponent (set to 3.5), and Bdiff and Bdisl contain all 302 

rheological parameters from the creep law for diffusion and dislocation creep in olivine: 303 

𝐵 = 𝐴𝑑−𝑝𝑓𝐻2𝑂
𝑟𝑒𝛼𝜑𝑒

−𝐸+𝑃𝑉

𝑅𝑇 ,  (5) 304 

in which A and α are constants, d is the grain size, fH2O is water content, Φ is melt fraction, E is 305 

activation energy, P is pressure, V is activation volume, R is the gas constant, T is absolute 306 

temperature, p is the grain size exponent, and r is the water fugacity exponent, respectively. 307 

Except for grain size and water content, all values are taken from Hirth & Kohlstedt (2003) Table 308 

1. Pressure is calculated as a function of depth and density as obtained from PREM, temperature 309 

is taken from the LitMod3D model interpolated on the 2×2 degree grid of the finite element 310 

model using triangular based linear interpolation. The viscosity in equation (4) is stress-311 

dependent. That means that there is a weak dependence on the ice load, for which we use the 312 

W12 model (Whitehouse et al., 2012). O’Donnell et al. (2017) suggested GIA and sub-313 

lithospheric tectonic stress levels to be of the same order of magnitude, which means that the 314 

viscosity will also depend on the tectonic stress. We neglect the influence of background stress 315 

here, as accurate predictions requires the stress tensor from both processes to be known. 316 

Bdiff below 400 km is set to 1.1·10
-21

 Pa
-1

·s
-1

 (corresponding to a viscosity of 1.1·10
21

 Pa·s). 317 

Outside the LitMod3D space, the top 100 km is taken to be elastic close to the value obtained in 318 

global GIA model (Peltier, 2004). Below 100 km, a diffusion creep parameter is used that 319 

corresponds to a viscosity of 1·10
21

 Pa·s. To reduce edge effects, creep parameters across the 320 

boundary are smoothed by applying a moving average to the log base ten values of the creep 321 

parameters in a range of eight degrees before and after the boundary. 322 

Applying an olivine flow law to derive viscosity introduces many uncertainties. Here we 323 

consider water content and grain size as unknown parameters as they have a large effect on 324 

viscosity for values that are still within their uncertainty bounds. In principle, those quantities 325 

can be measured in xenoliths but they do not provide a single, typical grain size. Furthermore, it 326 

is not certain how well the grain size and water content of the surfaced rocks represent conditions 327 

at depth. Also the scarcity of xenolith samples in Antarctica makes it difficult to use them as 328 

constraints for flow law parameters. Hence, we opt to use values for grain size and water content 329 

that result in acceptable viscosities as determined from their good fit to GIA observations in 330 

other regions (van der Wal et al., 2013). Uncertainty in other parameters is absorbed by the grain 331 

size and water content. We do not include the influence of partial melt as O’Donnell et al. (2017). 332 

Viscosity and present-day uplift rates are shown for our temperature model for dry rheology and 333 

4 mm grain size (4d, the preferred model in van der Wal et al. (2015)) while uplift rates from wet 334 

rheology (1000 ppm water content) and varying grain sizes are also investigated. It is important 335 

to note the Antarctic-wide loading model that we use here does not include recent ice load 336 

changes, which are expected to dominate present-day uplift rates in some regions in Antarctica 337 

(e.g. Nield et al., 2014; Barletta et al., 2018). 338 
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4 Model Set-up 339 

To cover the whole Antarctic continent at a reasonable resolution, our model extends over 6620 340 

km × 6620 km with a lateral resolution of 50 km. Vertically, the model extends down to 400 km, 341 

and a smaller vertical discretization of 2 km is chosen for reasons of numerical precision in 342 

computing the heat transfer. An initial structure is needed to start the model, ideally solely based 343 

on seismic estimates to be independent from our gravity gradient modeling. We use the 344 

continental-scale crustal thickness model AN1-CRUST (An et al., 2015a) since it is not a 345 

compilation of different regional studies but derived from Rayleigh wave analyses, constrained 346 

by Moho depth estimates from studies using receiver function techniques. The crustal thickness 347 

values from AN1-CRUST are the distance from the solid surface to the Moho, so we subtracted 348 

the surface elevation data from Bedmap2 in order to obtain the Moho depth with respect to the 349 

WGS84 reference ellipsoid and refer to the product as AN1-Moho (Figure 4). A continent-wide 350 

estimate of the lithospheric thickness is provided by the model AN1-LAB (Figure 4) from An et 351 

al. (2015b). The authors inverted temperatures from mantle S-wave velocities (An et al., 2015a) 352 

and defined the LAB as the shallowest position with a temperature crossing the 1330° C adiabat. 353 

As described in the Introduction section, the inferred mantle temperatures of this model may be 354 

overestimated due to omission of potential presence of melt or water. However, we regard the 355 

AN1-LAB to be a good initial geometry for our modeling. The An et al. (2015b) temperature 356 

model will be used for comparison with our final lithospheric model. 357 

Given the lack of knowledge about characteristics of the lithosphere for large parts of Antarctica, 358 

particularly the interior of EANT, we take general (global) geophysical and petrophysical 359 

properties for crustal and lithospheric mantle rock parameters, but we distinguish between 360 

different domains vertically and horizontally (Tab. 1). Both the crust and the lithospheric mantle 361 

in our models are divided into an oceanic and a continental part. Since the actual ocean-continent 362 

transition at Antarctica’s margins is still ill-constrained in some regions, we use bathymetric data 363 

from the Bedmap2 and the ETOPO1 data sets to determine the continental shelf line (taken at 364 

2000 m water depth) and take this as a proxy for the boundary of the continental lithosphere. We 365 

divide the continental crust into three layers of equal thickness (upper, middle, and lower crust). 366 

In this way we are able to model the thermal field more realistically by introducing differentiated 367 

radiogenic heat production rates and thermal conductivity, and we can vary the vertical density 368 

distribution within the crust. We use the same values as An et al. (2015b) for the thermal 369 

parameters, such that our modeled heat flow can be compared to their estimates. 370 

To define different lithospheric mantle domains, we followed overviews of the Antarctic tectonic 371 

provinces (e.g. Boger, 2011; Goodge & Fanning, 2016; Harley et al., 2013), which rely on 372 

petrological evidence. The sub-continental lithospheric mantle is divided into three major 373 

domains (Figure 4): East Antarctica (EANT), West Antarctica (WANT), and the two major rift 374 

systems: the West Antarctic Rift System (WARS) (Bingham et al., 2012) and the Weddell Sea 375 
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Rift (WSR) (Jordan et al., 2017). We use representative lithospheric mantle compositions of 376 

Phanerozoic age for WANT and Proterozoic age for EANT (Tab. 2). Peridotitic xenolith samples 377 

from the WARS indicate a very heterogeneous lithospheric mantle structure (e.g. Armienti & 378 

Perinelli, 2010; Storti et al., 2008; Wörner, 1999), partly characterized by metasomatic processes 379 

and re-enrichment of depleted lithospheric mantle. Since our model is not supposed to account 380 

for such localized variations, we assume a primitive upper mantle composition (McDonough & 381 

Sun, 1995) for the rift systems. Parts of EANT are assumed older than Proterozoic (Elliot et al., 382 

2015; Goodge & Fanning, 2016; Ménot et al., 2007). For these regions, we implement an 383 

Archaean lithospheric mantle composition in some of our models as explained later on. Yet, 384 

since such a depleted composition leads to very low densities, we implement it only in the upper 385 

lithosphere, accounting also for potential refertilization by post-depletion metasomatism of the 386 

lower lithosphere (e.g. Beyer et al., 2006). In oceanic areas, the lithospheric mantle is modeled in 387 

two layers in order to represent the vertically varying chemical composition and density due to 388 

differences in the degree of melt depletion in the mantle material generated at the mid-ocean 389 

ridge (e.g. Afonso et al., 2007; Ji & Zhao, 1994). The lower layer of oceanic lithospheric mantle 390 

makes up two thirds of the total lithospheric mantle thickness in our model and has a lherzolithic 391 

composition, while the upper layer (one third of the total thickness) is modeled as harzburgite. 392 

5 Results and Discussion 393 

Fitting the model to the observational data, i.e. the actual topography and the gravity gradient 394 

field at satellite height, is done in an iterative process. The simple starting model with the initial 395 

geometry based on seismological data turns out to be far from isostatic equilibrium and does not 396 

satisfy the gravity gradient observations. Therefore, we proceed from this simple starting model 397 

and refine it in three subsequent stages: 398 

Model 1 keeps the petrological parameters and the lithospheric domains from the initial model. 399 

The depths of the Moho and LAB interfaces are iteratively changed in the model in order to fit 400 

the isostatic elevation to the observed (rock-equivalent) topography. For this purpose, in each 401 

iteration step the current elevation misfit between the model and the data is multiplied with a 402 

factor that relates the topographic load with the mass deficit or surplus, respectively, at the 403 

interface through simple Airy isostasy. A detailed description of the method is given in the 404 

Supporting Information (Text S1). The resulting model is not a unique solution because, 405 

theoretically, isostatic equilibrium can be achieved with a variety of pairs of factors for adjusting 406 

the Moho and the LAB depth. However, the internal modeling processes, which determine the 407 

density in each cell of the model, significantly narrow the set of solutions (e.g. Afonso et al., 408 

2013). After achieving isostatic equilibrium in Model 1 in this way, high residuals of more than 409 

±1 E are still present in the gravity gradients in some areas (Figure S8), which is ca. 25% of the 410 

amplitude of the topography-reduced input data. As an explanation, this misfit could be related to 411 

an improper vertical density structure of the model’s lithosphere. For isostasy, only the mass 412 
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integral is relevant. The gravity gradient components, on the other hand, have different depth 413 

sensitivities. 414 

In Model 2, we account for these gravity gradient residuals by refining crustal and lithospheric 415 

domains while still maintaining isostatic equilibrium. Additional blocks of Archaean mantle 416 

lithosphere are introduced and the density parameters of the overlying crust are changed in 417 

regions with large misfits (Figure S9). The vertical density distribution is modified in such a way 418 

that the upper lithospheric mantle is less dense (depleted Archaean composition), whereas the 419 

crustal density is increased. Simultaneously, the Moho boundary and the LAB are shifted again 420 

to achieve isostatic equilibrium with the result that the crust is thinned and the lithospheric 421 

mantle is thickened and thus, crustal material is replaced by denser mantle peridotite. Moreover, 422 

by shifting the isotherm that defines the LAB to greater depths, the middle to lower lithospheric 423 

mantle becomes denser due to temperature decrease. As a result, the gravity gradient response of 424 

Model 2 is improved by a few tenths of Eötvös in the respective regions. It was, however, not 425 

possible to fit both the isostatic equilibrium and the gravity gradient field simultaneously. 426 

Model 3 builds upon Model 2, but the previous constraint of isostatic balance of the Antarctic 427 

continent is discarded. Instead, the depth of the Moho discontinuity and LAB are adjusted based 428 

on the gravity gradient residual with accordingly different factors but in principle the same 429 

procedure as described for the isostatic fitting. As a result, the residual of the gravity gradients is 430 

generally less than ±0.2 E (Figure 5), thus less than 5% of the topography-reduced signal. In 431 

turn, the root-mean-square (RMS) misfit between modeled and observed topography is 389 m 432 

(Figure 5). The patterns of the residual topography correlate with the gravity gradient (TUU) 433 

residuals in Model 2 since the mass change in the subsurface is reflected by an increased or 434 

decreased isostatic elevation, respectively. These adjustments have implications for the isostatic 435 

state of different parts of Antarctica. In the following subsections, we will discuss and interpret 436 

the particular characteristics of the models in terms of crustal and lithospheric thickness, density, 437 

and temperature. 438 

5.1 Topography Misfit in Gravity-gradient-fitted Model 439 

By establishing isostatic equilibrium, a first-order fit of the gravity and gravity gradient field can 440 

usually be achieved (e.g. Braitenberg et al., 1997). This approach indeed reduces the gradient 441 

misfit of Model 1 significantly compared to the initial model, which was not in isostatic balance. 442 

It is, however, uncertain to what extent the Antarctic continent actually is in isostatic equilibrium. 443 

If sub-lithospheric forces generate a non-isostatic component in the present topography, fitting 444 

the observed gravity gradient field is a better option than fitting the isostatic elevation, because 445 

the gradients are most affected by near-surface density variations. Furthermore, given the high 446 

accuracy and the homogeneous covering of the gravity gradient data over Antarctica, we 447 

consider Model 3 as our preferred model for a representation of the continent’s lithospheric 448 
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density structure. However, because the condition of perfect isostatic equilibrium is released, it 449 

shows a mismatch with the actual (rock-equivalent) topography (Figure 5). While no clear 450 

contrast is apparent between WANT and EANT in the residual map, Wilkes Land shows a 451 

distinctly different (negative) signature from the rest of EANT. Yet some parts of Wilkes Land 452 

still show positive residuals, specifically where the Archaean to Mesoproterozoic Terre Adélie 453 

Craton is located (e.g. Lamarque et al., 2015; Ménot et al., 2007) and where the inferred 454 

Paleoproterozoic Beardmore Microcontinent (Boger, 2011; Borg et al., 1990) is thought to 455 

underlie parts of the Wilkes Subglacial Basin (e.g. Ferraccioli et al., 2009; Ferraccioli & Bozzo, 456 

2003) region (Figure 1). 457 

In summary, these topography residuals are not explained by the gravity gradient signal. Their 458 

large-scale variations may be induced by sub-lithospheric forces like mantle upwellings or 459 

downwellings, which provide dynamic support of the topography. Short-wavelength residuals 460 

could originate from imperfect topographic or ice correction models onshore, or sediment 461 

models in offshore areas. It is also possible that they represent topographic masses that are not in 462 

local isostatic balance but compensated regionally due to lithospheric flexure (e.g. Paxman et al., 463 

2019). However, the RMS misfit of ~380 m is still small compared to the corresponding crustal 464 

thickness variation that would be needed to compensate such a topographic load. Assuming a 465 

rock density for the topography of 2670 kg/m³ and a density contrast at the Moho of 400 kg/m³, a 466 

2.5 km thicker crust would compensate 380 m of topography. This is below the uncertainty of 467 

most seismic-inferred Moho depth estimates even in well-studied areas. 468 

5.2 Density Structure 469 

A main advantage of using the full gravity gradient tensor in lithospheric modeling is the 470 

potentially different depth sensitivity of the individual components. The theoretical sensitivity 471 

kernels for the gravity gradients show a large response for near-surface mass anomalies 472 

(Martinec, 2014). However, the actual contribution of each depth interval depends on the 473 

location of the sources in the respective study area. An appropriate way to quantify this 474 

contribution is to compute the relative RMS of the signal of density variations with respect to the 475 

reference model (Bouman et al., 2016). For every single component of the gravity gradient 476 

tensor – and the vertical gravity GZ, respectively –, the contribution of a particular depth interval 477 

is given in percentage of the total RMS integral over the depth. Figure 3 (right) shows the 478 

relative RMS signal contribution from different depth ranges computed for our lithospheric 479 

Model 3. (For absolute values see Figure S11.) For the vertical gravity and all gradient 480 

components, the strongest signal originates from a depth range of 10 to 25 km, which reflects the 481 

density variations at the continent-ocean boundaries. Horizontal and mixed components are more 482 

sensitive to signals at this depth than the vertical gradient TUU and the vertical gravity GZ. From 483 

25 to 40 km depth, the contrast between EANT and WANT affects the gradients more than the 484 

vertical gravity, resulting in a smoother decrease of the RMS with depth. In particular, the 485 
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horizontal component TIA, which is commonly considered to be most sensitive to very shallow 486 

structures, is still remarkably strong at this depth. Clearly, this reflects the sharp transition at 487 

roughly 45° W/135° E between WANT and EANT. Furthermore, a noticeable divergence of the 488 

TAU and TAA components is present at ~60 km depth. This means that a marked density variation 489 

exists with an orientation perpendicular to the 0° meridian (pointing towards the Atlantic), which 490 

is the Pacific-Antarctic Ridge north of the Ross Sea region. The density of the upper mantle is 491 

decreased to 3200 kg/m³ here in order to fit the bathymetry, whereas other regions in the model 492 

show 3300 kg/m³ and more in ~60 km depth. In summary, for almost every single layer above 493 

100 km depth, the relative RMS contribution is higher in the gravity gradients than in the vertical 494 

gravity, even below the Moho. 495 

The modeled densities of the upper mantle in our Model 3 are shown in Figure 6. At depths of 50 496 

to 80 km the topography of the LAB is dominating the patterns in WANT with rather low 497 

densities in the coastal areas. In EANT the deep crustal root of the Gamburtsev Subglacial 498 

Mountains (GSM) stands out in the 50 km depth slice, whereas at 80 km lower density is present 499 

in areas where our model features Archaean lithospheric mantle composition. Down to 150 km, 500 

the mantle density is lower beneath WANT due to the higher temperature compared to cratonic 501 

EANT (Figure 6e). However, this relation is reversed below 150 km. At this depth, relatively 502 

lower density values are present beneath EANT (Figure 6f), and the deep lithospheric mantle of 503 

EANT is notably less dense than the sub-lithospheric mantle of WANT, particularly at its edges 504 

where it is hotter than in the interior. A cross-section through the model is shown in Figure 6a 505 

that spans from the West Antarctic coast of Marie Byrd Land (MBL) across the WARS, the TAM, 506 

the GSM, and the Lambert Graben to the Indian Ocean coast, thus covering key elements of 507 

Antarctica’s lithospheric structure over a distance of 5500 km. It reveals another interesting 508 

feature: at the depth of the shallow LAB beneath WANT almost no density contrast is present 509 

between lithosphere and asthenosphere since the lithospheric mantle is relatively fertile, hot, and 510 

at low pressure. On the other hand, the density contrast at the deep lithospheric base of EANT 511 

adds up to several tens of kg/m³ and thus contributes to the lithosphere’s buoyancy and the 512 

gravitational field anomalies. However, we note that our model does not include potential density 513 

variations in the asthenosphere due to temperature anomalies, as one would expect in case of a 514 

(WARS) mantle plume (e.g. Seroussi et al., 2017). 515 

Another approach to investigate the lithospheric structure of Antarctica in terms of density, along 516 

with temperature and composition, has been recently presented by Haeger et al. (2019). Instead 517 

of predefining the lithospheric mantle composition, that study inverts for composition, density, 518 

and temperature while different seismological S-wave tomography models are used to iteratively 519 

reconcile the estimates in a thermodynamically consistent way. The main difference with our 520 

strategy is, however, that Haeger et al. (2019) base their analysis on a predefined Moho depth, 521 

whereas it is a model result in our study. Vice versa, we predefine lithospheric mantle 522 
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compositions in our modeling, while Haeger et al. (2019) invert for these. The degree of 523 

depletion of the lithospheric mantle material is strongly dependent on the selection of the seismic 524 

tomography model in the inversion of Haeger et al. (2019), demonstrating the need for more 525 

seismological surveys for Antarctica. 526 

5.3 Crustal Thickness 527 

The depths of Moho and LAB result from fitting the elevation (models 1 and 2) and the gravity 528 

gradients (Model 3), respectively, starting from the initial model based on the seismologically 529 

derived geometry from An et al. (2015a, 2015b). We do not fit our model to seismic data but 530 

compare our results with seismic-inferred Moho depth estimates. A considerable number of local 531 

seismic Moho depth estimates exist, even though large gaps in the coverage of the Antarctic 532 

continent are still present. 533 

Recent continental-scale Moho depth models (e.g. An et al., 2015a; Baranov & Morelli, 2013; 534 

Haeger et al., 2019) made use of the local Moho studies by application of different techniques to 535 

infer the crustal thickness in poorly covered areas. Several other Moho depth models exist for 536 

Antarctica, which are however less suited for the evaluation of our model since they involve the 537 

inversion of gravity data (e.g. Block et al., 2009; OʼDonnell & Nyblade, 2014; Baranov et al., 538 

2018) or only provide estimates in a limited region (e.g. Chaput et al., 2014; Shen et al., 2018; 539 

White-Gaynor et al., 2019). In comparison, some of these models show large discrepancies of 540 

more than 10 km in large areas of Antarctica (see Pappa et al., 2019, for detailed discussion). 541 

We evaluate the Moho depth of our models at the same seismic stations that have been used by 542 

An et al. (2015a) and Baranov & Morelli (2013). Figure 7 shows the Moho depth of Model 3 543 

together with the mismatch to the seismic estimates indicated by colored circles. (For a mismatch 544 

histogram see Figure S10.) Parameter and compositional changes from Model 1 to models 2 and 545 

3 improved the fit in Moho depth for WANT and TAM significantly owing to higher densities in 546 

the middle and lower crust. The crustal root beneath areas with high topography is therefore less 547 

pronounced. The changes of Moho depth related to the release from isostatic equilibrium from 548 

Model 2 to Model 3 are minor in WANT, but in EANT the crust of Model 3 is thinned compared 549 

to Model 2. Areas of relatively thick crust become more pronounced, for instance in eastern 550 

DML, in Terre Adélie, and west of Lake Vostok. 551 

The RMS misfit at the seismic depth points increased slightly from 6.1 km in Model 2 to 6.9 km 552 

in Model 3 (Figure S10). It is difficult to quantify the uncertainty of our Moho depth model in 553 

relation to the seismic estimates since disagreements exist between studies even at the same 554 

locations (Pappa et al., 2019). As a measure of discrepancy, one can calculate the deviation D of 555 

the RMS misfit M of our model (6.9 km) from the supposed uncertainty U of seismological 556 

methods of ca. 3 km (e.g. Hansen et al., 2009) by 557 
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𝐷 = √𝑀2 − 𝑈2,  (6) 558 

which gives 6.2 km. This is, however, a measure of deviation in terms of seismic Moho depth 559 

estimates, whereas the misfit of the gravity gradients and the topography must also be taken into 560 

account. 561 

The Moho depth of our final Model 3 (Figure 7) exhibits detailed patterns in EANT, typical of 562 

gravity-based or Airy-isostatic models (e.g. Block et al., 2009; OʼDonnell & Nyblade, 2014; 563 

Pappa et al., 2019). Although the AN1-Moho model was used as starting value, distinct 564 

differences exist in our Moho depth. DML shows more variations and can be divided into three 565 

parts: 1) the northern mountain ranges with crustal roots that exhibits crustal thicknesses of ~40–566 

45 km, 2) further south western DML with a rather thin crust of ~30km, and 3) eastern DML as a 567 

block with markedly thicker crust of ~40 km. These values and the according subdivision are 568 

consistent with results from Riedel et al. (2012; 2013), who jointly interpreted aeromagnetic and 569 

aerogravity measurements with isostatic modeling of the region. Studies relying on gravity or a 570 

combination of both gravity and seismology also show thicker crust in eastern DML (Baranov et 571 

al., 2018; Block et al., 2009; OʼDonnell & Nyblade, 2014), and this is also revealed by the 572 

Rayleigh-wave derived model from An et al. (2015a). However, in previous Moho depth 573 

compilations (Baranov & Morelli, 2013), based on regional surveys, the opposite was found with 574 

thicker crust in western DML. Yet, as no seismic measurements for eastern DML were used in 575 

that compilation, the thickness values are interpolated in this area and thus subject to uncertainty. 576 

In the AN1 model, a pronounced small patch of very thick crust beneath the Valkyrie Dome (also 577 

referred to as Dome Fuji) is present, but no such feature exists in our results. Instead, the crust 578 

there is thinner than at its surroundings. 579 

Only scarce data exist for Enderby Land further east as well. While crustal thickness estimates 580 

exist for west Enderby Land (Miyamachi et al., 2003; Yoshii et al., 2004) and the Lambert 581 

Graben area (e.g. Feng et al., 2014; Reading, 2006), the interior structure of Enderby Land 582 

remains seismically under-explored. Satellite gravity inversions estimate the Moho depth in this 583 

region at ca. 40 km (Baranov et al., 2018; Block et al., 2009; OʼDonnell & Nyblade, 2014) but 584 

can only give a rather blurred image due to the long-wavelength signal. As the gravity gradients 585 

enhance shorter wavelengths, which correspond to shallower structures, and our modeling 586 

process considers the principle of isostasy, we are able to infer more details in the crustal 587 

structure of Enderby Land. West of the Lambert Graben, the Moho is less than 40 km deep, 588 

reaching 30 km in central Enderby Land and near the coast. We can also see a clear boundary 589 

towards eastern DML along the ~30° N meridian. This is broadly consistent with the models 590 

from An et al. (2015a) and OʼDonnell & Nyblade (2014). 591 

The GSM, which are adjacent to the southern part of Enderby Land, have been subject to 592 

extensive investigations (e.g. An et al., 2016; Ferraccioli et al., 2011; Hansen et al., 2010; 593 
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Heeszel et al., 2013; Lloyd et al., 2013; Paxman et al., 2016). Yet, their formation remains 594 

unclear. One hypotheses that has been put forward to explain their uplift is Permian to 595 

Cretaceous rifting and strike-slip faulting followed by Cenozoic peak uplift due to fluvial and 596 

glacial erosion (Ferraccioli et al., 2011; Paxman et al., 2016; Rose et al., 2013) combined with 597 

remarkably low erosion rates (Cox et al., 2010). The remarkably thick crust that is still preserved 598 

beneath the GSM has been related to subduction and collision during the late stages of the Pan-599 

African orogenic cycle (~550–500 Ma) by An et al. (2015a) or to much older Grenvillian-age 600 

accretion and possible collision of terranes against the composite Archean to Mesoproterozoic 601 

Mawson Craton by Ferraccioli et al. (2011). Estimates of crustal root depth values range from 602 

more than 60 km in seismic studies (An et al., 2016, 2015a) to ca. 50 km (OʼDonnell & Nyblade, 603 

2014; von Frese et al., 2009) or less (Block et al., 2009) in gravity-based models. Ferraccioli et 604 

al. (2011) have shown, based on gravity modeling, that the density contrast between the crustal 605 

root of the GSM and the underlying lithospheric upper mantle may be only about 55 kg/m³. More 606 

generally, An et al. (2015a) conclude that the density contrast for whole EANT is small from 607 

comparison of their seismic crustal thickness estimates and an Airy-isostatic Moho depth model. 608 

In our model the Moho shows a maximum depth of 52 km, and the root beneath the GSM is 609 

elongated in a south-north direction, rather than the more circular-shaped geometry imaged by 610 

An et al. (2015a). Between the GSM and the Vostok Highlands to the east, which again are 611 

underlain by a thick crust of more than 40 km, a clear lineament of thinner crust is apparent, 612 

consistent with seismological estimates (Ramirez et al., 2016) and the location of the proposed 613 

eastern branch of the East Antarctic Rift System (Ferraccioli et al., 2011). 614 

Further east we can identify a prominent lineament in the region of the proposed Indo-Australo-615 

Antarctic Suture (IAAS) (Aitken et al., 2014), where Indo-Antarctica and Australo-Antarctica 616 

may have collided either during the late Mesoproterozoic assembly of interior East Antarctica or 617 

as late as the early Cambrian (Boger, 2011; Collins & Pisarevsky, 2005). However, the exact 618 

location of this inferred suture zone cannot precisely be determined from our model. The Terre 619 

Adélie Craton stands out as a block of ~40 km thick crust, consistent with receiver function 620 

analyses (Lamarque et al., 2015). It is surrounded by the Aurora Subglacial Basin to the west, the 621 

Sabrina Subglacial Basin to the north-west, and the Wilkes Subglacial Basin to the west, which 622 

all are characterized by a rather shallow Moho at 30 km or shallower. This level of detail in 623 

crustal thickness variation has not been imaged in the region of Wilkes Land so far. 624 

5.4 Lithospheric Thickness 625 

As mentioned before, different definitions of the LAB exist corresponding to different geological 626 

understanding and geophysical methods. In our model the LAB is described by a thermal (1315° 627 

C isotherm), rheological (base of rigid layer), and a compositional boundary. Basic assumptions 628 

in our modeling, such as composition, crustal rock parameters, etc., imply some uncertainty due 629 

to the lack of reliable local constraints. As expressed previously, it should also be noted that the 630 
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depths of the Moho and the LAB in our models are non-unique, which is always the case in 631 

models based on gravity, particularly because the density change at the LAB is generally small. 632 

Nevertheless there are additional aspects that help to constrain the total lithospheric thickness in 633 

our model, which are the self-consistent computation of density due to pressure, temperature, and 634 

composition as well as the principle of isostasy. Some information about the robustness of the 635 

results can be given by the comparison with the seismologically derived and thus gravity-636 

independent LAB depth model AN1-LAB (An et al., 2015b). 637 

An et al. (2015b) used a mixed LAB definition. They converted the S-wave velocity model AN1-638 

VS into temperatures and defined the LAB as 1330° C isotherm. The authors state that the 639 

vertical resolution of their seismological LAB should be smaller than 20–50 km. This estimation, 640 

however, does not include the uncertainties in the conversion of velocities into temperature due 641 

to the choice of composition, grain size, water content, which An et al. (2015b) assume to be 642 

~150° C. Since both our LAB and the AN1-LAB model are likewise defined as isotherms that 643 

only differ by 15 K, we can compare the depths of the LAB (Figure 4 and 7). Although we used 644 

the AN1-LAB as a starting geometry, the final LAB of our model results from a completely 645 

different methodology. They are markedly similar in most parts of Antarctica, and the differences 646 

are mainly within the range of uncertainty of different methods to assess the LAB depth. Similar 647 

to An et al. (2015b) and other seismological studies (e.g. Ritzwoller et al., 2001; Schaeffer & 648 

Lebedev, 2013), the lithospheric thickness of our final Model 3 shows a strong contrast between 649 

WANT where values less than 100 km are attained and EANT with more than 150 km. While the 650 

LAB topography in our model is rather smooth within both parts of the continent, the transition 651 

is very steep, spanning about 100 km depth difference over 250 km horizontal distance. In 652 

WANT few regions show a lithosphere thinner than 80 km, such as MBL, Ellsworth Land, and 653 

the Ross Sea front of the TAM. However, we see that a very deep LAB of ca. 180 km beneath the 654 

Weddell Sea emerged in our model, which is not shown by seismological models. This could be 655 

a consequence of an overestimated sediment thickness in this area due to the ambiguity of the 656 

depth to basement estimates from magnetic data, although notably the presence of cratonic 657 

lithosphere beneath the southern part of the Weddell Sea Rift has also been inferred from 658 

aeromagnetic studies (e.g. Jordan et al., 2017, and references therein). 659 

In EANT the cratonic nature is clearly reflected by a thick lithospheric root down to ~260 km 660 

depth beneath the GSM. Thickness values more than 200 km extend westward to the Pensacola 661 

Mountains and the Shackleton Range. To the east we still see 200 km LAB depth beneath George 662 

V Land and Wilkes Land. Notably, the lithosphere thins more rapidly towards the coast between 663 

the longitudes 20° W and 90° E, reaching 150 km beneath Enderby Land and 100 km beneath 664 

western DML, respectively. 665 

A major difference between our model and the AN1-LAB is the lithospheric thickness in the 666 

GSM region. In contrast to the AN1-LAB, all our models result in a deeper LAB below the GSM 667 
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in order to compensate the topographic load. The thickest lithosphere in the AN1 model with 668 

more than 230 km is located east of the GSM, whereas in our models the deepest point lies 669 

beneath them at ~260 km. An et al. (2015a) regard the different locations of the thickest crust and 670 

the deepest LAB in their models to be evidence for a collision belt from the amalgamation of 671 

Gondwana during the Pan-African orogeny (~550–500 Ma). Low erosion rates for at least over 672 

250 Myr (Cox et al., 2010) support the hypothesis that the high topography of the GSM might 673 

have been stable for 500 Myr. However, the whole mass column must have stayed close to 674 

isostatic equilibrium for this scenario. In our model already a very thick (thus cold and dense) 675 

lithosphere is required to compensate the thick (less dense) crust beneath the GSM. If the crust is 676 

even thicker, as seen by An et al. (2015a), and the LAB less deep, isostatic equilibrium could 677 

only be achieved by higher densities within the lithosphere, meaning cold temperatures and 678 

possibly enriched mantle composition. Yet, our model is even colder than AN1-T. It therefore 679 

seems unlikely that a thinner and warmer, thus more buoyant lithosphere could have maintained 680 

isostatic equilibrium in the GSM region for several hundreds of Myr. 681 

5.5 Thermal Structure and GIA Response 682 

Together with crustal and lithospheric thickness we infer the steady-state temperature 683 

distribution within the lithosphere and the sub-lithospheric mantle, which allows to estimate 684 

viscosity values for assessing GIA. It should, however, be kept in mind that our models presume 685 

that the lithosphere is in isostatic equilibrium and the steady-state temperature field does not 686 

include thermal anomalies. We discuss the thermal structure of our models at five selected points 687 

of interest (Figure 8): the Amundsen Sea Embayment (ASE), Marie Byrd Land (MBL), 688 

Transantarctic Mountains (TAM), Gamburtsev Subglacial Mountains (GSM) and Wilkes Land 689 

(WL). Further comparison is made with the temperature model AN1-T from An et al. (2015b), 690 

which results from conversion of the S-wave velocity model AN1-VS (An et al., 2015a) into 691 

temperatures. The authors point out that a homogeneous mantle composition and pressure 692 

dependency have been considered in the conversion method but not potential water content or 693 

partial melt. They take their estimated mantle temperatures to be the upper bound and note that if 694 

the converted temperatures for the upper mantle seem unreasonably high, a possible explanation 695 

might be the existence of melt or fluid inclusions (An et al., 2015b). Indeed, the temperature of 696 

the AN1 model is slightly higher than ours, and some areas of increased temperature are not 697 

visible in our models. 698 

The cross-section in Figure 8 demonstrates the striking temperature variations within the upper 699 

mantle between WANT to EANT in both Model 3 and AN1-T. At the transition from WANT to 700 

EANT, the AN1 model and our model show high temperatures at the steps of Moho boundary 701 

and LAB. Although our model only considers steady-state conditions and thus no thermal 702 

anomalies, the temperature at the Moho reaches almost 700° C. Such values would be generally 703 

expected in orogenic belts (McKenzie et al., 2005), while the Moho temperature beneath cratonic 704 
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shields is estimated to range from 300–500° C (Archaean) to 450–650° C (Paleoproterozoic) 705 

(Artemieva, 2009). The generally high temperatures of the AN1-T model compared to our 706 

models, particularly at the crust-mantle boundary, are also visible in the vertical temperature 707 

profiles (Figure 8), for example at the TAM profile. Here, the AN1-T temperatures not only are 708 

~400 K higher in the middle part of the mantle lithosphere (ca. 70 km depth), but also our 709 

models differ from each other due to variations in lithospheric thickness. The lithosphere is much 710 

thinner (~125 km) in models 2 and 3 than in Model 1 (>150 km). Consequently, the temperature 711 

is higher within the lithosphere in models 2 and 3 and approximately 200 K higher at 125 km 712 

depth. Due to the associated density decrease in the mantle, this generally allows a thinner crust 713 

to be in isostatic balance and does not require a pronounced crustal root. A substantially hotter 714 

mantle could potentially increase this effect to the extent that a much thinner crust can 715 

overcompensate the topographic load. The cross-section (Figure 8) also shows the lateral 716 

temperature variation of the uppermost lithospheric mantle between the TAM and the region 717 

beneath the GSM. Beneath the TAM, temperatures are high throughout the lithosphere due to the 718 

shallow LAB. The hinterland of the TAM towards the GSM features rather low temperatures 719 

below the relatively thin crust, whereas temperatures rise again beneath the GSM’s crustal root. 720 

Here the thick crust provides additional heat from radiogenic decay, which is higher than in the 721 

mantle due to the increased abundance of Uranium, Thorium, and Potassium. Such temperature 722 

variations affect the upper mantle seismic velocities, leading to velocity highs in regions of low 723 

temperature and a velocity low beneath the GSM. Such decreased velocities have been observed 724 

by Shen et al. (2018), who, however, hypothesize that they originate from compositional 725 

changes. Beneath the GSM, our models show ~600° C at the Moho, whereas AN1-T suggests 726 

~800° C, which is much higher than generally expected for cratonic shields. Varying crustal 727 

density parameters in our models 2 and 3 with respect to Model 1 in the GSM region apparently 728 

have no significant effect on the temperature. The same phenomenon occurs in the profile for 729 

Wilkes Land, where the impact of the implementation of Archaean lithospheric mantle on the 730 

temperature is also minor, whereas it has a significant effect on the density. 731 

In the ASE in WANT, our models show almost identical values, whereas the Moho in the AN1-T 732 

model is more than 200 K hotter and exceeds 700° C. On the other hand, all models have similar 733 

temperatures at the lithospheric base. In the sub-lithospheric mantle the S-wave inferred 734 

temperatures of the AN1 model show a pronounced temperature increase with respect to our 735 

models beneath the ASE. This is consistent with observations of the short-term interaction 736 

between solid Earth movement and ice mass changes in the ASE, which suggest very low upper 737 

mantle viscosities (Barletta et al., 2018). It is also consistent with seismic low velocity zones in 738 

other studies (Hansen et al., 2014; Shen et al., 2018). Our models may underestimate the 739 

temperature because they represent a steady-state temperature distribution with a lithosphere in 740 

isostatic equilibrium, which might not be the case in the ASE. Similar limitations may apply for 741 

MBL. Here, the changes in crustal parameters from Model 1 to Model 2 led to a shallower Moho 742 



Confidential manuscript submitted to JGR: Solid Earth 

22 

and LAB, resulting in higher temperatures within the lithosphere. As a consequence, lower 743 

densities and seismic velocities can be expected. However, seismological studies inferred 744 

significant mantle velocity reduction of 1–3% for P-waves and 2–5% for S-waves beneath MBL 745 

(Hansen et al., 2014; Heeszel et al., 2016; Lloyd et al., 2015; Shen et al., 2018; White-Gaynor et 746 

al., 2019), accompanied by Cenozoic volcanism (e.g. LeMasurier, 1990). Such velocity 747 

anomalies would correspond to a temperature increase of ~150 K (Lloyd et al., 2015). If, on the 748 

other hand, the upper mantle beneath MBL has an elevated water content compared to 749 

surrounding areas, which could likely be the case due to a history of subduction in the region 750 

(LeMasurier et al., 2016), then partial melts could cause the decrease in seismic velocities 751 

(White-Gaynor et al., 2019). 752 

The temperature field does not only affect rock densities and hence contribute to isostasy, but, in 753 

general, it also controls dynamic effects, such as GIA and mantle convection, in which viscosity 754 

is the crucial property. Temperature or viscosity can be derived from seismic velocity anomalies, 755 

yet with large uncertainty (Ivins & Sammis, 1995). Here we take the 3-D temperature values 756 

from our thermodynamically self-consistent model to derive mantle viscosities and point out the 757 

implications for present-day uplift rates in Antarctica, which can be compared with GPS 758 

measurements to ultimately constrain past ice thickness. 759 

Viscosity values are computed according to equation (4) with temperatures from Model 3. As 760 

stated in section 3, we compute viscosity for dry olivine rheology and 4 mm grain size (Figure 761 

9). As a result, viscosity at 100 km depth in all of EANT is so high that it is effectively elastic 762 

and can thus be considered as part of the lithosphere for GIA models. The viscosity in WANT is 763 

somewhat higher than found in earlier studies (Barletta et al., 2018; Bradley et al., 2015; van der 764 

Wal et al., 2015). Using wet rheology lowers viscosity to around 10
18

 Pa·s for large parts of 765 

WANT, in agreement with viscosity for water-saturated peridotite provided in O’Donnell et al. 766 

(2017). Lowering the grain size to 1 mm even reduces viscosity in WANT to below 10
18

 Pa·s. 767 

This corresponds to relaxation times in the order of decades. For these small relaxation times, the 768 

Solid Earth response to changes in loading thousands of years ago will have reached equilibrium. 769 

Uplift rates in Figure 9e show two maxima in location of former ice domes in the W12 ice 770 

history model. GPS uplift rates (Argus et al., 2014; Thomas et al., 2011) and empirical GIA 771 

models (Martin-Español et al., 2017) prefer somewhat smaller values, but note that no 772 

measurements are available in the locations of maximum uplift rates. Smaller uplift rates can be 773 

achieved with lower grain size (1 mm) or a wet rheology in our model, but these viscosities 774 

result in uplift rates of less than 1 mm per year, which is well below observed values. However, 775 

this argument rests on the assumption that all ice loading changes are accounted for, while 776 

Antarctic-wide ice loading histories such as the W12 model used in this study do not include 777 

changes in ice sheet thickness that occurred in the last centuries, and the response to those 778 

changes is absent from Figure 9e. A low viscosity in combination with recent ice unloading could 779 



Confidential manuscript submitted to JGR: Solid Earth 

23 

produce significant uplift rates. The lowest viscosities obtained for the wet and small grain size 780 

rheologies are also below those inferred from observations of late Holocene ice loading 781 

relaxation, including in Iceland (Barnhoorn et al., 2011; Sigmundsson, 1991) and parts of 782 

Antarctica (Barletta et al., 2018). Based on this, our preferred model features the dry rheology 783 

and 4 mm grain size. The preference for GIA observations for dry rheology is subject to the 784 

uncertainties introduced by applying the olivine flow law to the upper mantle rheology 785 

deficiencies in the experimental flow law itself, and our temperature model. From a petrology 786 

point of view, a completely dry rheology is plausible. The upper mantle contains on average 787 

small amounts of water (50–200 ppm) (Hirschmann, 2006). Low hydration in West Antarctica is 788 

supported by magnetotelluric measurements (Wannamaker et al., 2017) and suggested for cratons 789 

such as East Antarctica (Peslier et al., 2010). However, possible hydration due to recent 790 

subduction in West Antarctica (Emry et al., 2015) and the variation in flow law parameters in 791 

xenolith findings across Antarctica (see table in van der Wal et al., 2015) suggest the necessity of 792 

regional modeling of flow law parameters. 793 

6 Conclusions 794 

A comprehensive and self-consistent continental-scale model of Antarctica’s lithosphere is 795 

presented in this study. Satellite gravity gradient data, seismological estimates, thermodynamic 796 

modeling, and the principle of isostasy are used to infer crustal and lithospheric thickness, 797 

density, and temperature distribution. By integrating a variety of geophysical observables and 798 

principles, a higher robustness of the result is achieved compared to modeling them separately. A 799 

precise quantification of the uncertainties of all individual geophysical properties can however 800 

not be obtained because the model is too computational expensive to follow a probabilistic 801 

approach. Integrated and probabilistic modeling methods of the lithosphere are currently in 802 

development, yet still in 1-D and immature (Afonso et al., 2016). Before applying them on 803 

poorly explored areas like Antarctica, they need to give proof of their reliability and robustness. 804 

Our new Moho depth map provides higher-resolution estimates for poorly surveyed regions of 805 

East Antarctica, where seismic station coverage is sparse or non-existent. We find that ca. 30–35 806 

km thick crust is present in Wilkes Land, while the Terre Adélie Craton features distinctly thicker 807 

(ca. 40 km thick) crust. The GSM are underlain by a marked crustal root with a ca. 52 km deep 808 

Moho. Although our model cannot solve the debate about the origin and evolution of the GSM 809 

directly, it indicates that a thick and cold and thus dense lithospheric mantle is needed to 810 

compensate the thick buoyant crust to maintain isostasy. 811 

The 3-D temperature distribution from our model is taken to infer mantle viscosity and to model 812 

present-day uplift rates for Antarctica due to glacial isostatic adjustment. Viscosity values are 813 

computed for dry olivine rheology and moderate grain size (4 mm). High viscosities imply that 814 

the GIA lithosphere is at least 100 km thick in East Antarctica, and below 150 km in its central 815 
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part. In West Antarctica, viscosity values are around 10
19

 Pa·s, slightly above previously 816 

published values. Lowering grain size or assuming wet rheology results in uplift rates well below 817 

measured values. Our modeling prefers a dry rheology and a moderate grain size. A limitation of 818 

this estimation is, however, the absence of ice thickness variations during the last centuries in the 819 

used W12 model. Recent unloading together with low viscosity values could have a strong 820 

impact on present-day uplift rates. Therefore, future studies should include ice thickness changes 821 

in the last decades and centuries as well as 3-D variations and rheologic parameters below 400 822 

km depth to estimate the full dynamic effect due to glacial loading. 823 
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Figure 1. Left: Bedrock topography of Antarctica. AP=Antarctic Peninsula, ASB=Aurora 

Subglacial Basin, ASE=Amundsen Sea Embayment, BM=Beardmore Microcontinent, 

DML=Dronning Maud Land, EL=Enderby Land, EwL=Ellsworth Land, GSM=Gamburtsev 

Subglacial Mountains, LG=Lambert Graben, LV=Lake Vostok, PM=Pensacola Mountains, 

RS=Ross Sea, SR=Shackleton Range, TA=Terre Adélie, VD=Valkyrie Dome, VH=Vostok 

Highlands, WARS=West Antarctic Rift System, WSB=Wilkes Subglacial Basin, WSR=Weddell 

Sea Rift. Right: Sediment thickness data compilation used in this study. Sources are described in 

the main text. EANT=East Antarctica, WANT=West Antarctica. 

Figure 2. Left: GOCE derived gravity gradients at 225 km altitude (Bouman et al., 2016); right: 

the same data after reduction for effects of water, ice, rock topography, and sediments. Note the 

change of signal amplitude. 

Figure 3. Left: a step-wise linear reference density model is used to compute relative density 

anomalies and gravity gradient anomalies. Right: Relative depth sensitivity of vertical gravity GZ 

and gravity gradients for the final model. Horizontal lines mark the thickness of the contributing 

depth interval. The gradients generally show high sensitivity at depths above 100 km. TIA, TIU, 

and TAU obtain their largest contribution from the uppermost 25 km, reflecting the density 

variation across continent-ocean transitions. Compare Figure S11 for absolute RMS values. 

Figure 4. Initial model geometry for Moho and LAB depth is taken from seismological 

estimates: AN1-Moho (left, An et al., 2015a), AN1-LAB (center, An et al., 2015b). The right map 

shows the subdivision of lithospheric mantle domains in the model based on previous studies on 

tectonic provinces of Antarctica. EANT=East Antarctica, OLM=Oceanic lithospheric mantle, 

WANT=West Antarctica, WARS=West Antarctic Rift System, WSR=Weddell Sea Rift. 

Figure 5. Residual analysis Model 2 (left) and Model 3 (right). Top: topography misfit map and 

histogram. Bottom: misfit of gravity gradient signal. Note the different value ranges. The gravity 

gradient misfit is reduced significantly from Model 2 (±1 E) to Model 3 (±0.2 E), though at the 

expense of the fit of perfectly isostatically compensated topography. The difference in elevation 

of ca. 250 m, mostly emerging in EANT, may point to an imperfect topographic gravity 

correction model, flexural compensation, or dynamic forces that support the topography. 

Figure 6. a) Cross-section through ice, topography, crust, and mantle of our Model 3. The profile 

is shown in the slices below. High crustal densities are present beneath the GSM. The mantle 

cross-section illustrates the different density contrasts at the LAB beneath WANT and EANT, 

respectively. MBL=Marie Byrd Land, WANT=West Antarctica, TAM=Transantarctic Mountains, 

GSM=Gamburtsev Subglacial Mountains, LG=Lambert Graben. Dashed horizontal lines indicate 

depths of mantle density slices: b) 50 km, c) 80 km, d) 100 km, e) 125 km, f) 125 km, g) 175 km, 

h) 200 km, i) 250 km. 

Figure 7. Left: Moho depth of lithospheric model (Model 3). Colored circles show mismatch 

with respect to seismic estimates from other studies. ASB=Aurora Subglacial Basin, 

DML=Dronning Maud Land, EL=Enderby Land, GSM=Gamburtsev Subglacial Mountains, 

IAAS=Indo-Australo-Antarctic Suture, LG=Lambert Graben, TAC=Terre Adélie Craton, 

TAM=Transantarctic Mountains, VD=Valkyrie Dome, WSB=Wilkes Subglacial Basin. Right: 
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LAB depth of Model 3. Dashed line A–A’ corresponds to temperature cross-sections in Figure 8. 

Pink-colored diamonds indicate locations of vertical temperature profiles in Figure 8. 

Figure 8. Cross-sections show temperature of Model 3 (top) and AN1-T (below) model from An 

et al. (2015b). Bottom: vertical temperature profiles for selective locations demonstrate the 

generally higher temperature estimates from conversion from seismic velocity model (AN1-T). 

The locations of all profiles are indicated in Figure 7 (right). Horizontal dashed lines indicate 

depth of Moho and LAB, respectively. Note that the models 1, 2, and 3 feature steady state 

temperature fields and thus do not include thermal anomalies. 

Figure 9. Modeled mantle viscosity (a–d) and resulting uplift rates (e) in a dry olivine rheology 

and 4 mm grain size scenario. The depth slices represent values at 100 km (a), 150 km (b), 200 

km (c), and 250 km (d). 

Table 1. 

Petrological Parameters of Crustal Layers in the Final Model (Model 3) 839 

 Heat prod. Therm. cond. Density Therm. expansion Compressibility 

Type [µW/m³] [W/mK] [kg/m³] [K
-1

] [GPa
-1

] 

Sediments 0.5 1.85 2300 1e-5 8e-10 

Upper crust 1.0 2.35 2670 1e-6 1e-10 

Middle crust 0.4 2.25 2670 1e-6 1e-10 

Lower crust 0.4 2.0 2800 1e-6 8e-11 

Oceanic crust 0.1 3.0 2950 0 0 

Mantle layers 0.01 5.3 – – – 

Note. The in situ density is computed as a function of thermal expansion and compression 840 

according to temperature and pressure conditions. The thermal conductivity within the mantle 841 

follows the equations from Hofmeister (1999). The denoted value represents thermal 842 

conductivity at standard T-P conditions (Fullea et al., 2009). 843 

Table 2. 

Oxide Composition of Lithospheric Mantle Peridotites Used for the Modeling 844 

wt-% PUM
a
 Lherzolite

b
 Harzburgite

c
 Phanerozoic

d
 Proterozoic

d
 Archaean

d
 

SiO2 45.45 45.08 43.48 44.99 45.19 46.08 

MgO 38.18 42.70 46.26 40.24 43.16 45.88 

Al2O3 4.55 2.42 1.96 3.54 1.93 1.00 

FeO 8.18 8.44 7.80 8.09 8.00 6.45 

CaO 3.64 1.36 0.50 3.13 1.72 0.59 

Mg# 89.27 90.02 91.36 89.87 90.58 92.69 

Note. PUM=primitive upper mantle. 845 
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a
McDonough & Sun (1995). 

b
Maaløe & Aoki (1977). 

c
Irifune & Ringwood (1987). 

d
Fullea et al. 

(2009) and references therein. 
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Figure 2.
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Figure 3.
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Figure 4.
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Figure 5.
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Figure 6.
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Figure 7.
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Figure 8.
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Figure 9.
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